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Abstract Two seismic refraction lines were acquired along and across the extinct Labrador Sea spreading
center during the Seismic Investigations oﬀ Greenland, Newfoundland and Labrador 2009 cruise. We
derived two P wave velocity models using both forward modeling (RAYINVR) and traveltime tomography
inversion (Tomo2D) with good ray coverage down to the mantle. Slow-spreading Paleocene oceanic crust
has a thickness of 5 km, while the Eocene crust created by ultraslow spreading is as thin as 3.5 km. The upper
crustal velocity is aﬀected by fracturation due to a dominant tectonic extension during the waning stage
of spreading, with a velocity drop of 0.5 to 1 km/s when compared to Paleocene upper crustal velocities
(5.2–6.0 km/s). The overall crustal structure is similar to active ultraslow-spreading centers like the Mohns
Ridge or the South West Indian Ridge with lower crustal velocities of 6.0–7.0 km/s. An oceanic core complex
is imaged on a 50 km long segment of the ridge perpendicular line with serpentinized peridotites
(7.3–7.9 km/s) found 1.5 km below the basement. The second, ridge-parallel line also shows extremely thin
crust in the extinct axial valley, where 8 km/s mantle velocity is imaged just 1.5 km below the basement. This
thin crust is interpreted as crust formed by ultraslow spreading, which was thinned by tectonic extension.
1. Introduction
The Labrador Sea separates Labrador from Southeast Greenland. Initial rifting began in the Cretaceous [Watt,
1969; Srivastava, 1978]. The north of the Labrador Sea is bounded by volcanic margins [Keen et al., 2012], with
the presence of seaward dipping reﬂectors [Chalmers and Laursen, 1995], as is the case farther to the north at
the Davis Strait and southern Baﬃn Bay margins, where high-velocity lower crustal layers are present [Funck
et al., 2007]. The area of interest in this study, the south-central Labrador Sea basin, is bounded by asymmet-
ric nonvolcanic continental margins with the Greenland continental margin [Chian and Louden, 1994] being
muchnarrower than the Labradormargin [ChianandLouden, 1995].Magnetic anomalies [RoestandSrivastava,
1989; Chalmers and Laursen, 1995; Oakey and Chalmers, 2012] and Ocean Drilling Program wells [Srivastava
etal., 1989] constrain theoceanic spreadinghistory. There is an agreement that spreading startedno later than
Chron C27 [Chalmers and Laursen, 1995; Oakey and Chalmers, 2012] in the Paleocene. However, some authors
[Roest and Srivastava, 1989; Srivastava and Roest, 1999] have suggested that oceanic spreading may have
started as early as Chron C33. This debate is diﬃcult to resolve because the proposed Cretaceous anomalies
donot lie above a typical oceanic crustal structure [ChalmersandLaursen, 1995] but rather above a transitional
crust with possible serpentinization of themantle [Chian and Louden, 1995]. The Paleocenemagnetic anoma-
lies (C27 to C25) are perpendicular to the NE-SW oriented opening direction between Greenland and North
America and indicate slow spreading rates. Spreading segments are oﬀset by transform faults such as the
Cartwright-Julianehaab Fracture Zone (Figure 1). Between Chron C25 and C24 (late Paleocene, early Eocene),
plate reorganizations occur following separation of Greenland from Eurasia and the opening of the Northeast
Atlantic, in possible connection with the migration of the Icelandic plume head fromWest Greenland toward
its present-day position [Lawver andMüller, 1994; Storey et al., 1998]. Greenland then moved northward with
respect to North America, and spreading in the Eocene became oblique and ultraslow [Roest and Srivastava,
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Figure 1. The extinct Labrador Sea spreading center. (top left) The background of the main map displays ﬁltered
(<100 km) satellite free air gravity anomalies (FAA) from the DTU10 grid [Andersen et al., 2010]. White circles represent
ocean bottom seismometer (OBS) stations from the SIGNAL (Seismic Investigations oﬀ Greenland, Newfoundland and
Labrador) experiment, while orange ones are OBS locations of a previous study along Lines R1 and R2 [Osler and Louden,
1992, 1995]. (top right and bottom left) Blowups of both SIGNAL lines are displayed with an unﬁltered satellite F.A.A
background, and station numbers of OBS. SIGNAL Line 4 coincide with seismic Line BGR 77-17 [Hinz et al., 1979;
Chalmers and Laursen, 1995], while SIGNAL Line 5 follows the GEUS 2003-4 seismic line (dashed). The blue lines are
seismic proﬁles TLS 90-1, TLS 90-2, and TLS 90-3 (from west to east, see Srivastava and Keen [1995]). Magnetic anomalies
are from Roest and Srivastava [1989]. White dashed lines are interpreted spreading subsegments and transform fault
(compare with Figure 15). Thick solid black lines represent major fracture zones (FZ). GL: Greenland.
Studying the Labrador Sea oceanic crustal structure addresses many important processes from ultraslow-
spreading regimes to spreading ridge extinction. First, among the extinct spreading centers (Southeast-
Paciﬁc, Labrador Sea/Baﬃn Bay, Aegir Ridge, Wharton Basin, South China Sea, Shikoku Basin, Galapagos
Rise, Philippine Sea, Caroline Sea, Scotia Sea, and Tasman Sea [Bouysse et al., 2010]), only the Labrador Sea
[Osler and Louden, 1992], Aegir Ridge [Grevemeyer et al., 1997; Breivik et al., 2006], Baﬃn Bay [Funck et al., 2012;
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Suckro et al., 2012], and the Shikoku back-arc basin [Nishizawa et al., 2011] have been sampled by seismic
refraction data. The processes leading to the extinction of seaﬂoor spreading are not well known, particularly
regarding the balance between volcanism and tectonism. Previous studies show signiﬁcant normal faulting
across the Labrador Sea extinct spreading center [Osler and Louden, 1992, 1995; Srivastava and Keen, 1995]
and the Aegir Ridge [Uenzelmann-Neben et al., 1992;Grevemeyer et al., 1997; Breivik et al., 2006], but thick crust
is imaged in Baﬃn Bay [Funck et al., 2012; Suckro et al., 2012] and the Shikoku Basin [Nishizawa et al., 2011].
In addition, the extinct Labrador Sea spreading center is another example of an ultraslow-spreading system,
alongwith present-day examples from the SouthWest Indian Ridge (SWIR) [McKenzieandSclater, 1971; Patriat
et al., 1997] in the Indian Ocean, the Mohns Ridge [Klingelhöfer et al., 2000], the Knipovich Ridge [Lundin and
Doré, 2002], theMolloyRidge, and theGakkel Ridge [EhlersandJokat, 2009] in theNortheastAtlantic andArctic
Oceans. While the crustal structures of the active ultraslow-spreading ridges have been imaged by seismic
refraction data [Klingelhöfer et al., 2000;Minshull et al., 2006; Jokat et al., 2003; Jokat and Schmidt-Aursch, 2007],
the proﬁles were acquired with a wide spacing of seismic receivers (OBS, ocean bottom seismometers). Some
studies suggest that ultraslow-spreading systems form thinner oceanic crust [Reid and Jackson, 1981; Dick
et al., 2003], but because very large variations in melt supply are possible at these spreading rates, there is no
clear relationship between crustal thickness and spreading rate. Indeed, the refraction results and dredging
show large variations in the crustal structure and thickness of ultraslow ridges [Michael et al., 2003].Morework
is needed to understand what factors control the “ultraslow” crustal structure. The extinct Labrador Sea rift
is characterized by a gradual decrease in spreading rate. With a moderate proﬁle length, the evolution of the
crustal structure from slow to ultraslow spreading can be imaged in the same geodynamical framework.
Finally, when spreading becomes magma starved, the crustal structure may be similar to transitional crust at
continental margins. As noticed by Minshull [2009], ultraslow-spreading ridges are not suﬃciently well sam-
pled, and only in areas close to the spreading center, so that a comparison between crustal velocity structures
is not very conclusive. As the continent-ocean transition zones sometimes record weak magnetic anomalies
[Srivastava et al., 2000; Sibuet et al., 2007], it is not easy to discriminate between extremely thinned continental
crust and very slow, almost amagmatic oceanic accretion just after rifting [Funck et al., 2003]. As a result, a bet-
ter imaging of the thin Labrador Sea oceanic crust [Srivastava and Keen, 1995; Louden et al., 1996] may help to
better understand late rifting processes such as the transitional crust at the SW Greenland margin [Chalmers
and Laursen, 1995; Srivastava and Roest, 1999].
In this paper, we ﬁrst present the seismic refraction data set acquired during the SIGNAL 2009 cruise (Seismic
InvestigationsoﬀGreenland,NewfoundlandandLabrador) [Funcketal., 2009]. Thenwedescribe themodeling
strategy and ﬁnally discuss the results in terms of crustal structure, with a particular focus on what happened
during plate reorganizations between Chrons C24 and C25 and at Chron C13.
2. Data
2.1. Data Acquisition
In this study, we present two seismic refraction lines (Lines 4 and 5) acquired in 2009 during the SIGNAL cruise
(Seismic Investigations oﬀ Greenland, Newfoundland and Labrador) onboard CCGS Hudson. Located in the
vicinity of a previous experiment targeting the extinct Labrador Sea spreading center [Osler and Louden, 1992,
1995, Lines R1 and R2 from Figure 1], both lines were designed to improve the seismic resolution across and
along the extinct spreading axis. The 270 km long Line 4 is located across the ridge axis and parallel to Line
R2. A total of 18 OBS were deployed along the proﬁle. Line 5 is 144 km long and is located along the ridge
axis. Here 10 OBSwere deployed. The instrument spacing varies between 12 and 14 km. The air gun array was
composed of 12 × 8.4 L G-guns with a total volume of 100 L (6144 cu in.). Shots were time triggered every
minute, corresponding to∼150mdistance at a cruise speedof 5 knots (1 knot=0.5m/s=1.85 km/h). EachOBS
was equipped with a hydrophone and a three-component geophone deployed directly on the seaﬂoor for
improved ground coupling. Data were retrieved from all deployed instruments. Linear clock-drift corrections
were applied to synchronize the OBS clocks with the GPS time used to trigger the shots. Only the data from
OBS 6 on Line 4 could not be used because of unknown clock-related problems. Positions of the OBS were
calculated to correct for their drift during the descent to the seaﬂoor. These relocationswere performed using
the traveltimes of the water wave arrivals.
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Figure 2. OBS data: sedimentary and crustal arrivals as discussed in the text. The data are band-pass ﬁltered (6–35 Hz) and a predictive deconvolution is applied.
Line 4 OBS 4 and Line 4 OBS 11 are records from the hydrophone channels, while all other records are from the vertical geophone channel. The left column uses
a reduction velocity of 3 km/s to focus the display on sedimentary arrivals, while the right column uses a reduction velocity of 4.5 km/s, to focus the display on
upper crustal arrivals. Phases Ps5 and P
∗ on Line 5 OBS 4 have slopes indicated by the two arrows. A blow-up of the Line 4 OBS 4 reﬂections, including the PxP
phase is available in supplementary material Figure S1.
2.2. Sedimentary Arrivals and Basement
The overall quality of the data set is good (Figures 2 and 3). Three refraction phases are common to all OBS (Ps1,
Ps2, and Ps3 phases) with apparent velocities of 1.8 km/s, 2.2 km/s, and 2.4 km/s, respectively (Figures 2 and
3). These arrivals correspond to the regional 2 km thick sediment inﬁll of the Labrador Sea basin (Figure 4).
Figure 2 also shows a fourth sedimentary phase (Ps4) on some OBS, with apparent velocities ranging from
3.0 km/s to 3.6 km/s. This phase is only recorded onOBSs located above or near the edges of deeper sedimen-
tary basins (units 4A, 4B, and 4C on Figure 4) and only for shots allowing seismic rays to cross these basins.
Like phases Ps1, Ps2, and Ps3, phase Ps4 is also recorded on Line 5, which crosses Line 4 within basin 4A (OBS
9 on Line 4, see Figures 1 and 4). Basement reﬂections (PbP, Figure 2) are visible on most records, in particu-
lar, on the hydrophone channels. An even deeper, unidentiﬁed reﬂection is recorded on OBS 4 on Line 4 (PxP,
Figure S1 in the supporting information).
A ﬁfth sedimentary arrival (Ps5) is recorded on Line 5 (OBS 3, OBS 4 on Figure 2, and OBS 5). The apparent
velocity of this phase is 3.8 km/s. These three OBS also recorded another phase with an apparent velocity
of 4 km/s (labeled P∗, Figure 2). With such a high apparent velocity, it is probably associated with the upper
crustal layer. However, the seismic facies of the corresponding unit on the seismic reﬂection record (Figure 4)
shows slightly tilted interbedded reﬂectors similar to sediment reﬂectors, although characterized by lower
frequencies. Acoustic basement lies just below these low-frequency reﬂectors.
2.3. Crustal and Mantle Arrivals
Most of the seismic phases described so far are secondary arrivals. The upper crustal refraction (Pc1) is some-
times a ﬁrst arrival, sometimes a secondary arrival. The apparent velocity of the Pc1 phase is ∼5 km/s at the
edges of Line 4 (see Figure 2, Line 4, OBS 1) and 4 km/s in the center of the proﬁle. There the Pc1 is in most
cases a secondary arrival, as it is on Line 5, with an apparent velocity of 4.5 km/s (Figure 2, Line 5, OBS 4). A
lower crustal refraction (Pc2) is then recorded on both lines and is always a ﬁrst arrival. Starting from here, a
general observation is that the ﬁrst-arrival traveltimes are greatly aﬀected by a rough basement topography
(Figures 2 and 3). Very fewunambiguousMoho reﬂections (PmP) are observed (Figure 3, Line 4, OBS 13).Many
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Figure 3. OBS data: mantle arrivals as discussed in the text. The data
are band-pass ﬁltered (6–35 Hz) and predictive deconvolution is
applied. A reduction velocity of 8.0 km/s is used. OBS13 is the only OBS
with a clear PmP arrival. Notice the absence of any crustal arrivals for
the negative oﬀsets of Line 4 OBS 3.
OBSs on both lines show a unique high
apparent velocity (7 to more than 8 km/s)
phase (Pn) from very short oﬀset (10 km)
to far oﬀset (Figure 3, Line 5, OBS 6), which
indicates a shallowmantle.
2.4. Traveltime Uncertainties
For all phases, the uncertainty of
the traveltime picks is related to the
signal-to-noise ratio following an empir-
ical relationship [Zelt and Forsyth, 1994].
The smallest uncertainty obtained with
this method is 20 ms, such as for the
water wave and some near-oﬀset arrivals.
The lowest signal-to-noise ratio (i.e.,
when only coherency allows picking)
corresponds to a picking uncertainty of
125ms. Thismethodhas the advantageof
avoiding bias in the modeling procedure
discussed in the next section. Tables 1
and 2 summarize the number of picks per
phase and their average uncertainty.
3. Velocity Modeling
3.1. Modeling Strategy
There are two common methods to
develop P wave velocity models based
on seismic refraction data: forward mod-
eling [Zelt and Smith, 1992] and ﬁrst-
arrival traveltime tomography inversion
(with or without joint inversion of Moho
reﬂection phases [Zelt and Barton, 1998;
Korenaga et al., 2000; Hobro et al., 2003;
Van Avendonk et al., 2004]). Bothmethods
give non-unique results. Forward model-
ingpotentially leads tooverinterpretation
as layer geometry and velocity gradients
are chosen manually, while traveltime
tomography does not suﬀer as much
from overinterpretation. However, in the
present case, traveltime tomography is
unable to resolve most of the crustal
velocities. Indeed, as presented in the previous section, the mantle refraction arrivals represent most of the
ﬁrst-arrival traveltime picks. The crustal ﬁrst arrivals only have low weight in the inversion, since most of the
Pc1 phase picks are secondary arrivals. Sediment arrivals show the same eﬀect to an even greater degree
since they are nearly all secondary arrivals. Thus, the upper 2 km of the velocity depth model cannot be
resolved properly in a ﬁrst-arrival tomography inversion. For this reason, we will primarily use RAYINVR for-
ward modeling [Zelt and Smith, 1992] to derive the P wave velocity models. Each observed seismic phase
is raytraced using the layer-stripping method (i.e., working from the top of the model downward [Zelt and
Smith, 1992]). Such an approach is also possible in tomography methods [Korenaga et al., 2000; Hobro et al.,
2003; Van Avendonk et al., 2004], as done, e.g., by Sallarès et al. [2011, 2013] and Christeson et al. [2014].
3.2. Modeling with RAYINVR
The RAYINVR model of Line 4 is composed of nine layers (Figure 5). Below the seaﬂoor, the uppermost three
layers correspond to sediments (Ps1, Ps2, and Ps3 phases). The next layer is not continuous along the entire
model but observed in three deep basins (4A, 4B, and 4C) associated with the Ps4 phase (Figures 4 and 5). The
DELESCLUSE ET AL. THE LABRADOR SEA SPREADING CENTER 5253
Journal of Geophysical Research: Solid Earth 10.1002/2014JB011739
Figure 4. (a) Time migrated section of seismic proﬁle BGR 77-17 [Chalmers and Laursen, 1995] across the extinct
Labrador Sea spreading axis following SIGNAL Line 4. The blue horizon is dated at 2.5 Ma (R1 in Arthur et al. [1989] and
Chalmers and Laursen [1995]), while the yellow horizon indicates a late Miocene horizon (7.5 Ma, R3/R4 in Arthur et al.
[1989]). Superimposed are the sedimentary interfaces and seismic basement picked to build the shallow part of the
model of Line 4. Layers 1 to 4 are associated with sedimentary phases Ps1 to Ps4 as described in the text. (b) Time
migrated section of seismic proﬁle GEUS 2003-4 along the extinct Labrador Sea spreading axis and following SIGNAL
Line 5. The blue horizon is dated at 2.5 Ma (R1), while the yellow dashed, late Miocene horizon (R3/R4) is estimated from
the seismic facies and the sedimentation rates. The base of layer 4 does not always correspond to the seismic basement.
Consequently, layer 5 is not a crustal layer, and phase Ps5 is not a crustal seismic phase. CR: chaotic reﬂectors.
geometry of the interfaces from the seaﬂoor to the basement is deﬁned by correlation with the coincident
reﬂection seismic Line BGR77-17 (Figure 4). The upper crustal layer is associated with the Pc1 phase, while the
lower crust is associated with the Pc2 phase. Here we prefer the generic terms “upper crust” and “lower crust”
rather than oceanic layer 2 and layer 3, as the slow to ultraslow Labrador Sea spreading ridgemay not produce
a typical oceanic crust [Louden et al., 1996]. The base of the lower crustal layer is the crust-mantle boundary. In
places, the traveltime data require two layers in themantle, one with a high vertical velocity gradient and the
other with a low-velocity gradient extending down to the bottom of the model. Both mantle layers are asso-
ciated with the Pn phase (Figure 5). The model for Line 5 is also composed of nine layers (Figure 6), similar to
Line 4. Sedimentary layers and basement geometries are deﬁned by correlationwith the coincident reﬂection
seismic Line GEUS 2003-4 (Figure 4). Tables 1 and 2 summarize the 𝜒2 and RMS traveltime residuals of each
phase. A general display of observed and calculated traveltime is shown in Figures 5 and 6. Record sections
of four OBS and details of the modeling are shown in Figures 7 and 8.
3.3. Traveltime Tomography With Tomo2D
To check the robustness of theRAYINVRvelocitymodels,we compare themwith results fromaﬁrst-arrival time
tomographyusing theTomo2Dcode [Korenagaetal., 2000]. The forwardproblemconsists of ﬁnding the short-
est raypathbetween the shot and the receiver for every ray [Moser, 1991]. This is doneby combininggraphand
ray-bending methods [Moser et al., 1992; Korenaga et al., 2000; Van Avendonk et al., 2001]. The inverse prob-
lem consists of a reduction of the traveltime residuals between the observed and calculated ﬁrst-arrival times.
The iterative process is done by perturbing velocities using a least squares regularized approach. Because the
size of the grid needed for an accurate forward modeling (720 × 125 nodes for Line 5 and 1350 × 125 nodes
for Line 4, using a node spacing of 200 m) is very large and implies many unknowns (each velocity cell is an
unknown), the problem is underconstrained and needs “smoothing” of the velocity perturbations through
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Table 1. Seismic Phase, Layer Associated With Refraction Phase, Number of Modeled Rays (Nmodeled), Average
Uncertainty of Modeled Rays (Δtmodeled), RMS Residuals Between Observed and Modeled Traveltimes (tRMS), and
Normalized 𝜒2 for All Phases On Signal Line 4
Phase Associated Layer Nmodeled Δtmodeled (s) tRMS (s) 𝜒2
Direct wave 0 1381 0.021 0.011 0.289
Sediment reﬂections 2105 0.124 0.040 0.112
Ps1 1 428 0.084 0.038 0.782
Ps2 2 419 0.034 0.034 1.091
Ps3 3 563 0.066 0.032 0.569
Ps4 4 221 0.046 0.028 0.837
PbP 963 0.117 0.069 0.353
Pc1 5 585 0.053 0.056 2.931
Pc2 6 2311 0.084 0.074 2.143
PmP 740 0.094 0.064 0.988
Pn∗ 7 406 0.099 0.082 1.705
Pn 8 5349 0.119 0.081 0.770
All 15471 0.095 0.065 0.935
“correlation lengths” [Korenaga et al., 2000]. At the top of the crust, and for both lines, we use a horizontal
correlation length of 1 km, linearly increasing to 10 km at a depth of 15 km. The vertical correlation length
linearly increases from 1 km at the top of the crust to 5 km at a depth of 15 km. The rationale for the increase
of correlation length with depth is the prevention of model updates in depth intervals with no turning rays.
In most cases, the Tomo2D code only needs a simple initial velocity model. However, we chose to include the
sediment velocities and basement geometry from the RAYINVR model in the initial Tomo2D model. This is
necessary because no sedimentary ﬁrst arrivals are recorded in the data set. Also, the basement topography
strongly aﬀects the arrivals and this leads to a very nonlinear problem if the basement is not included in the
initial model. Including the RAYINVR sediment velocities is not problematic as the sedimentary layers are ﬂat
and the interfaces down to the basement are well constrained by the reﬂection seismic proﬁles. Correlation
lengths in the sediments are set to 10 km, to prevent model updates in areas where refracted rays do not
result in ﬁrst arrivals. The reference crustal initial model is a linear gradient using a velocity of 4.2 km/s at
the basement and 7.7 km/s at 10 km depth, which is the average Moho depth in the RAYINVR models. We
then consider that velocities linearly increase to 8.1 km/s at a depth of 14 km. This velocity corresponds to
Table 2. Seismic Phase, Layer Associated With Refraction Phase, Number of Modeled Rays (Nmodeled), Average
Uncertainty of Modeled Rays (Δtmodeled), RMS Residuals Between Observed and Modeled Traveltimes (tRMS), and
Normalized 𝜒2 for All Phases on SIGNAL Line 5
Phase Associated Layer Nmodeled Δtmodeled (s) tRMS (s) 𝜒2
Direct wave 0 916 0.020 0.008 0.162
Sediment reﬂections 1191 0.124 0.024 0.037
Ps1 1 291 0.096 0.048 0.450
Ps2 2 495 0.032 0.015 0.374
Ps3 3 955 0.087 0.022 0.071
Ps4 4 167 0.069 0.034 0.492
Ps5 4,5 288 0.100 0.089 1.584
P∗P/PbP 832 0.122 0.098 0.663
P∗ 5 299 0.056 0.044 2.026
Pc1 6 476 0.075 0.058 0.858
PcP/PmP 127 0.098 0.099 1.705
Pc2/Pn
∗ 7 1128 0.090 0.057 1.018
Pn 8 3718 0.119 0.085 0.602
All 10883 0.096 0.065 0.576
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Figure 5. Ray tracing along SIGNAL Line 4. Layers are detailed in the text. (a) The blue rays and traveltime picks are
direct water waves and sedimentary phases Ps1, Ps2, and Ps3. The green rays and traveltime picks correspond to phase
Ps4 in the deep, high-velocity basins associated with layer 4. (b) Yellow rays and traveltime picks are related to the Pc1
phase associated with the upper crustal layer. Orange and purple rays, respectively, correspond to phases Pc2 (lower
crust) and the PmP reﬂection. (c) Thick red rays turn in layer 7, while purple rays represent the Pn mantle phase. Black
lines superimposed on the arrival times and their uncertainties are the calculated traveltimes from the ﬁnal model (see
Figure 9).
mantle rocks that are not aﬀected by serpentinization. The results of a Monte Carlo analysis randomizing this
reference initial model will be discussed in section 4.3.2.
4. Results
4.1. SIGNAL Line 4
Figure 9 displays the ﬁnal RAYINVR model for Line 4. Velocities in the sedimentary layers are 1.75–1.90 km/s
for the recent sediments younger than 2.5 Ma (layer S1 and Figure 4), 2.15–2.35 km/s, and 2.35–2.45 km/s,
respectively, for layers S2 and S3 (more compacted, lateMiocene to Pleistocene sediments, see Figure 4). Layer
S4 velocities vary between individual basins. In basin 4A (100–145 km), velocities are 3.5 km/s to 3.8 km/s.
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Figure 6. Ray tracing along SIGNAL Line 5. Layer numbers are detailed in the text. (a) The blue rays and traveltime picks
are direct water waves and sedimentary phases Ps1, Ps2, and Ps3. The green rays and traveltime picks correspond to
phases Ps4, Ps5, and P
∗ turning in layers 4 and 5 (details in section 4). (b) Yellow rays and traveltime picks are related to
the Pc1 phase associated with the upper crustal layer. Orange and red rays correspond to phases Pc2 (lower crust) and a
crustal reﬂection, respectively. (c) Purple rays represent the Pn mantle phase. Black lines superimposed on the arrival
times and their uncertainties are the calculated traveltimes from the ﬁnal model (see Figure 9).
In basin 4B (200–210 km), velocities are 3.1 km/s to 3.4 km/s while at 220–230 km (basin 4C), velocities are
3.2 km/s to 3.5 km/s. Both the upper and lower crust display lateral variations in thickness and velocity. We
can summarize these variations by describing three distinct crustal domains:
1. Theoceanic crust at the edges of themodel is composedof a 1.5 km thick upper crustal layer (5.2–5.9 km/s)
and a 3.5 km thick lower crustal layer (6.1–7.0 km/s) for a total crustal thickness of 5 km.
2. Between 70 km and 230 km, the velocities of the upper crustal layer are slower (4.0–5.0 km/s). The 1.5 km
thick upper crust thins locally in severely faulted areas such as the axial valley slopes and across the 2 km
high axial valley walls. The lower crustal layer is characterized by velocities of 6.0–7.0 km/s. The lower crust
is thinner than 3.5 km (minimum of 2 km).
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Figure 7. Details of the seismic phases and rays for OBS (right) 5 and (left) 9, Line 4. Calculated arrival times are superimposed on the seismic data. The colors are
the same as those described in Figure 5. The data are band-pass ﬁltered (6–35 Hz) and a predictive deconvolution is applied. Traveltimes are displayed with a
reduction velocity of 7 km/s.
3. The lower crustal thickness decreases over a 50 km wide section of the proﬁle (180 to 230 km) where
velocities between 7.2 and 8.0 km/s are observed. Such velocities are too high to be associated with
typical crustal gabbros and are in better agreement with serpentinized mantle [Minshull et al., 1998].
The PxP reﬂection at OBS 4 (Figure S1) corresponds to the top of this serpentinized mantle, just 1.5 km
below the basement. The mantle velocity is 7.7 km/s just below the northeastern axial valley wall (around
70–100 km), where one of the few clear PmP reﬂections is recorded on OBS 13. A vertical oﬀset of 1 km in
the crust-mantle interface is needed to properly model all Pn phases recorded at the southwestern end of
the proﬁle.
4.2. SIGNAL Line 5
Figure 9 displays the ﬁnal RAYINVR model for Line 5. The sedimentary velocities on Line 5 are very similar to
those on Line 4. Velocities in the deep basin 4A on Line 5 are 3.2 km/s to 3.8 km/s from0 to 30 km and 2.9 km/s
to 3.1 km/s from 40 to 90 km. A major diﬀerence to Line 4 is that the upper crustal layer is not always located
immediately below basin 4A. The velocity between the seismic basement and the bottom of basin 4A on Line
5 (Figure 4) is modeled with velocities of 3.8 km/s to 4.3 km/s using Ps5 and P
∗ phases. The velocities below
the basement are fairly constant in the upper crust and range from 5.0 to 5.3 km/s. Both the geometry of the
crust-mantle interface and the lower crustal velocities show signiﬁcant lateral variations.
Two sections of shallow, high velocities are found in the model:
1. At 20–50 km, the lower crust is 3 km thick and its top is 1 kmbelow the seismic basement. Velocities range
from 6.5 km/s at the top to 8 km/s at the bottom, indicating the presence of serpentinized peridotites.
2. Between 90 and 110 km, the lower crust cannot be identiﬁed and the mantle velocities of 8.0 km/s are
observed 1.5 km below the basement.
Between these two zones (65–85 km), velocities are signiﬁcantly lower in both the lower crust (6.0 to 7 km/s)
and mantle (7.3–8.0 km/s). Several horizontal velocity gradients were tried to deﬁne this zone with reduced
velocities. The horizontal gradients shown in Figure 9 ﬁt the Pn arrivals best. The zone with reduced velocities
can also explain why Pn arrivals from shots located at the southeastern end of the line are not recorded by
OBS located at the northwestern end of the line. Similarly, Pn arrivals are not observed on OBS located at the
southeastern end of the line for shots ﬁred in the northwest.
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Figure 8. Details of the seismic phases and rays for OBS (right) 4 and (left) 5, Line 5. Calculated arrival times are superimposed on the seismic data. The colors are
the same as those described in Figure 6. The data are band-pass ﬁltered (6–35 Hz) and a predictive deconvolution is applied. Traveltimes are displayed with a
reduction velocity of 7 km/s.
4.3. Resolution and Robustness of Models
4.3.1. Classic Approach
Tables 1 and 2 give the 𝜒2 values for eachmodeled phase. A standard test is to check the compatibility of the
RAYINVR models with gravity data. Two-dimensional gravity modeling [Talwani et al., 1959] is performed for
both lines. We used generic relationships from Ludwig et al. [1970] to convert seismic velocities to densities.
The gravity model is compared to satellite-derived free air gravity anomaly (FAA) [Andersen et al., 2010]. The
gravity model of Line 4 ﬁts the satellite-derived gravity ﬁeld very well, with an RMS value of 4.35 mGal. The
north-eastern axial valley wall is the worst ﬁt, with a calculated gravity value overestimated by up to 14mGal.
The gravity model of Line 5 is more diﬃcult to determine because of three-dimensional eﬀects since Line 5
is close to the north-eastern axial valley wall. However, the gravity model still ﬁts the satellite FAA reasonably
well (7.02 mGal RMS).
Another test of the model reliability is to display the diagonal values of the resolutionmatrix for the two RAY-
INVR models (Figure S2). The resolution matrix calculates the sensitivity of the traveltimes to a perturbation
in a velocity node. If modifying a velocity node does not aﬀect the calculated traveltimes, it means that this
velocity node is not constrained by the data, corresponding to a resolution value of zero. The more sensitive
the traveltime residuals are to a change of a velocity node, the better constrained is that velocity node (with
a value closer to 1). A resolution of more than 0.5 is considered to indicate a well-resolved model parameter,
whereas values lower than the 0.5 threshold mean that the velocity nodes are not well constrained [Lutter
and Nowack, 1990]. Overall, Figure S2 indicates good resolution, except at the edges of the models, at layer
pinch-outs, and in the areas with lateral velocity variations (e.g., the mantle at the center of Line 5).
However, the resolution matrix is calculated during linearized inversion and gives only the model sensitivity
when the ﬁnal model is almost reached (i.e., for the last iteration) [Korenaga and Sager, 2012]. It does not take
into account nonlinear sensitivity to the initial model or to variations of the picked traveltimes. Checkerboard
tests suﬀer from the same conceptual problem [Korenaga and Sager, 2012], as demonstrated in practice by
Watremez et al. [2015].
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Figure 9. (a) Line 4 RAYINVR ﬁnal velocity model. Velocity isocontours are superimposed in white (contour interval is
0.25 km/s). A selection of the contours is labeled in km/s. The two thick white segments drawn on the crust-mantle
boundary indicate locations where the only two clear PmP reﬂections originate. (b) Line 5 RAYINVR ﬁnal velocity ﬁeld.
On both lines, masked areas are not constrained by rays. Red circles show OBS locations.
4.3.2. Monte Carlo Analysis Using Tomo2D
We perform aMonte Carlo analysis using Tomo2D [Korenaga et al., 2000; Korenaga and Sager, 2012;Watremez
et al., 2015]. The idea is to runmany inversionswith randomly selected initial models and randomly perturbed
traveltime picks. With this independent method, it should be possible to assess which ﬁrst-order features
(shape and depth of the crust-mantle boundary, prominent lateral velocity variations) of the RAYINVRmodels
can be considered well resolved. The three parameters deﬁning the initial crustal velocity model are random-
ized. The reference 4.2 km/s basement velocity and the 7.7 km/s velocity contour (used as proxy for the base
of the crust) can each vary by±4% (4.0 to 4.4 km/s and 7.4 to 8 km/s, respectively). In addition, the depth of the
base of the crust is randomized with a range of ±1.5 km around the average depth of 10 km. Below the base
of the crust, velocities increase linearly to 8.1 km/s at a depth of 14 km. We run 120 inversions for each line so
that the statistical average of the parameters are close to the reference parameters. The traveltime picks for
each run are also randomly perturbed following the method of Zhang and Toksøz [1998].
Figure 10 shows the average Monte Carlo models for both lines. The Monte Carlo standard deviation is dis-
played in Figure S3 and traveltime residuals are shown in Figure S4. Figure 11 shows the diﬀerence ΔVMC−i
between the averageMonte Carlomodel and the average of the initial models. Following Korenagaand Sager
[2012], we also displayΔVMC−i − 𝜎 andΔVMC−i + 𝜎, where 𝜎 is the Monte Carlo standard deviation. Structures
occurring in all three displays can be considered robust because they do not depend on the initial velocity
model. Sharp lateral velocity variations are conﬁrmed, for example, at the southwestern axial valley wall on
Line 4 (area E4_2, Figure 11), at 220 km on Line 4 (E4_4), and at 85 km on Line 5 (between E5_3 and E5_4).
The low velocity at the center of Line 5 is also conﬁrmed (Area E5_3). One can also notice horizontal struc-
tures in ellipses E4_1 and E4_5. These are related to high lower crustal velocity gradients in the initial models.
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Figure 10. (a) Line 4 Tomo2D Monte Carlo average velocity ﬁeld. (b) Line 5 Tomo2D Monte Carlo average velocity ﬁeld.
The dashed and the solid black lines show the location of the 7.2 km/s and 8 km/s contours, respectively, in the
corresponding RAYINVR models in Figure 9. The shaded areas show the range of the 7.2 km/s and 8.0 km/s contours
from the 120 individual Monte Carlo inversions. The velocity model is masked in areas with no ray coverage.
As a result, a common behavior of many inversions is an increase in velocity at the top of the lower crust and
in some cases a decrease in velocity at the base of the lower crust. Areas E4_3 and E4_4 show a more homo-
geneous velocity increase in the crust where the RAYINVR model shows reduced mantle velocities (Line 4,
160–230 km).
4.3.3. Velocities and the Deﬁnition of Crustal Thickness
Figure 10 shows that velocity contours typical for the bottom of lower crust (7.2 km/s) and of the mantle
(8 km/s) are in good agreement between the RAYINVR and Tomo2D models. An exception to this general
good match between the two methods is the northwestern part of Line 5 (0 to 50 km, Figure 10), where the
resolution is poor at∼10 km depth (red ellipse, Figure 11). In general, mantle velocities are better constrained
on Line 4 (Figures 10 and S5) as a result of longer oﬀset Pn phases. Areas showing mantle or serpentinized
mantle velocities (7.2–8.0 km/s) at crustal depths (Line 4, 180–230 km; Line 5, 90–120 km) appear faster in
the RAYINVRmodels. This diﬀerencemay be due to forwardmodeling including velocity discontinuities in the
crust, contrary to ﬁrst-arrival tomography.
While the Monte Carlo analysis allows for an estimate on the velocity uncertainties, the few PmP reﬂections
are not suﬃcient to constrain the uncertainty in the depth of the crust-mantle boundary. In fact, we decided
not to use PmP reﬂections in the Tomo2D inversion since they were too sparse. However, the RAYINVRmodel
features a crust-mantle interface which, when possible, was designed to correspond to the following deﬁni-
tion: velocities <7.2 km/s above the interface (gabbros) are separated from (serpentinized) peridotite below.
This crust-mantle interface satisﬁes the observed PmP traveltimes and is continued into zones with no clear
PmPobservations. If existing, this layer boundary in the velocitymodel is the best approximation of theMoho.
The crustal thickness values given in the discussion are calculated from the basement down to the 7.2 km/s
contour, which has an uncertainty of 1 km as indicated in Figure 10.
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Figure 11. (a) Velocity diﬀerence ΔVMC−i between the Monte Carlo average model (Figure 10) and the average initial
model. (b) ΔVMC−i − 𝜎 with 𝜎 as the Monte Carlo standard deviation. (c) ΔVMC−i + 𝜎. The labeled ellipses are discussed
in the text and show structures that appear in all three displays (Figures 11a through 11c). The red ellipse shows an area
where structures diﬀer in the three displays and where the RAYINVR and Tomo2D velocities do not match (Figure 10).
Regions with no ray coverage are shown in white.
5. Discussion
5.1. Variations of Crustal Properties During Oceanic Spreading
5.1.1. Paleocene and Eocene Oceanic Crustal Structures
Previous refraction studies in the Labrador Sea [Osler and Louden, 1992, 1995] imaged 3.5 to 5 km thick crust
along Line R2 that is parallel to SIGNAL Line 4 at a distance of 100 km to the north-west. On Line 4, with the
exception of the segment between 190 km and 240 km (discussed later), our new results are similar to Line
R2 but provide considerably more detail (Figure 9). Seismic Lines TLS 90-2 and BGR 77-17 show crustal scale
normal faults indicating tectonic extension up to 70% in the area of ultraslow spreading [Roots and Srivastava,
1984; Srivastava and Keen, 1995]. This extension is believed to occur during the waning stage of the Labrador
Figure 12. (a) One-dimensional velocities extracted from the velocity models of SIGNAL Line 4 (Figure 9) characterizing
Paleocene slow spreading and Eocene ultraslow spreading. Dark-shaded area corresponds to the velocity envelope
found in ocean-continent transition zones [Minshull et al., 1998]. Light-shaded area represents the velocity envelope
from mature Atlantic-type oceanic crust [White et al., 1992]. (b) Same display with 1-D velocities from SIGNAL Lines 4
and 5 in the extinct axial valley.
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Figure 13. (a) Half spreading and eﬀective spreading rates (ESR) along SIGNAL Line 4 using stage poles from Roest and Srivastava [1989] and Oakey and Chalmers
[2012]. The "calculated ESR" (red line) is obtained by dividing the ridge perpendicular proﬁle length between two magnetic Chrons by the time span between
these Chrons. The purple zone indicates a strong spreading asymmetry (Figure 15). (b) Depth converted BGR 77-17 reﬂection seismic line using velocities from
the Line 4 RAYINVR model. OCC: Oceanic core complex. RX: Reﬂector from the top of the serpentinized mantle. HVS: High-velocity sediments. The black frame
locates Figure S6.
Sea spreading regime in the Eocene, when the magma supply decreased. Associated fractures leading to
increasedporosity and ﬂuid circulationmay explain the lower velocities in the axial valley as observedbyOsler
and Louden [1995] on Line R2. Although the upper crustal velocity cannot be independently checked by the
tomography models, SIGNAL Line 4 (Figure 9) clearly conﬁrms low velocities in the upper crust of the axial
valley (Figure 12, OBS 7 and 10).
Interestingly, the low velocities in the upper crust are not restricted to the axial valley but also extend across
the entire Eocene crust (Chron C24 and younger, Figure 13). By comparison, upper crustal velocities along
the Paleocene segments of SIGNAL Line 4 (Chrons C24-C26) are in the upper bound of the velocities of an
Atlantic-type oceanic layer 2 [White et al., 1992] (Figure 12). The lateral variations of upper crustal velocities
correlate well with changes in the roughness and reﬂectivity of the basement along the coincident seismic
Line BGR 77-17 (Figure 13). Where the seismic basement is faulted and basement reﬂectivity is weak (Eocene
crust), upper crustal velocities are low.Where thebasement reﬂectivity is stronger (Paleocene crust), theupper
crustal velocity is closer tonormal. The eﬀectivehalf spreading rate is less than1 cm/yrwhere theupper crustal
velocities are reduced (Figure 13). All these observations strongly support the interpretation of earlier studies
[Roots and Srivastava, 1984; Srivastava and Keen, 1995; Osler and Louden, 1992, 1995] that the ﬁnal stage of
spreading in the Labrador Sea was dominated by tectonic extension. The lower crust does not show a clear
velocity variation between the Paleocene and Eocene. Instead, the lower crust varies in thickness from 3.5 km
during the Paleocene to around 2 km in late Eocene during the waning stage of spreading.
While upper crustal velocities can be explained in relation to variations in basalt porosity (slow for young
oceanic crust and faster after hydrothermal circulation) or to tectonic fracturation (in this study), deeper crustal
velocities depend more on the lithology. The low-gradient oceanic layer 3, as deﬁned in the Atlantic Ocean
(Figure 12) [White et al., 1992], is composed primarily of gabbros. However, Figure 12 shows that even the
thickest oceanic crust in the Labrador Sea (Paleocene crust) substantially diﬀers from a mature Atlantic-type
oceanic crust. The lower crust in the Labrador Sea is thinner than typical oceanic layer 3, with a slightly
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Figure 14. (a) Depth-converted reﬂection seismic Line GEUS 2003-4 using velocities from the Line 5 RAYINVR model (positive distances) and reconstructed from
1-D velocity proﬁles from Osler and Louden [1992] (negative distances). HVS: High-velocity sediments. B: Possible extrusive basaltic ﬂows, velocities are modeled
from phases Ps5 and P
∗ . V: Possible isolated volcano. (b) Filtered satellite free air gravity anomaly oriented along ridge structures oblique to the N-S direction of
spreading. Thick dashed lines represent the interpreted last active subsegments of the extinct spreading ridge also shown in Figure 1. The orientation of these
subsegments is signiﬁcantly less oblique to the N-S Greenland-North America plate motion.
higher-velocity gradient. Thin crust produced from magma-poor slow to ultraslow-spreading ridges tend to
be composed of serpentinized peridotites intruded by gabbro plutons (the “plum pudding,” Cannat [1996]).
In the Labrador Sea, serpentinization could explain why there are only few clear PmP observations in the
data set. The Moho in our models may bemore adequately described as a serpentinization front [Muller et al.,
1997;Minshull et al., 1998]. As a result, crustal thickness values given in this study may not be used as a proxy
for the volume of melt products. Various degrees of serpentinization can also explain the signiﬁcant lateral
variation of the lower crustal thickness and velocities along SIGNAL Line 5 in the axial valley. At the crossing
with Line 4, the lower crust has a thickness of 3 km and velocities from 6.5 to 8 km/s (Figure 12). However,
around km 100 (Figure 14), the lower crust disappears and is replaced by 8 km/s mantle, which is the velocity
of normal, unserpentinized mantle.
5.1.2. A Buried Oceanic Core Complex
The shallow mantle on SIGNAL Line 4 (190–230 km, Figure 13) creates an even thinner crust than the sur-
rounding 3.5 to 5 km thick crust described above. Serpentinized rocks and lower crustal gabbros exhumed
at the seaﬂoor are typically dredged on slow-spreading ridges at the inside corners of transform faults [Dick
et al., 1981; Cannat, 1993; Tucholke and Lin, 1994], following the simple view that the center of ridge segments
are magma-rich while segment ends tend to be magma-poor [Buck et al., 2005]. The shallow mantle area on
SIGNAL Line 4 is located immediately south-west of basin 4C (Figure 4). Just after Chron C25, the deep basin
4C was located in the vicinity of the Cartwright-Julianehaab Fracture Zone (OBS 2 and 3 on Figure 15). How-
ever, magnetic anomalies and the free air gravity signature of the shallowmantle structure (beneath OBS 4 in
Figure 1) do not show a structural orientation related to the Cartwright-Julianehaab Fracture Zone. A possible
explanation is presented in the tectonic evolution shown in Figure 15. After the late Paleocene/early Eocene
plate reorganization (post Chron C25), a ridge segment oﬀsets the “cold” Cartwright-Julianehaab fracture
zone. As a result, the shallowmantle structure was emplaced relatively far from the fracture zone, at the cen-
ter of an Eocene spreading ridge segment that is oblique to the N-S oceanic spreading. At that time, oceanic
spreading is ultraslow (∼1 m/yr full rate) and asymmetric (Figure 13a).
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Figure 15. Sketch explaining the evolution of the Labrador Sea spreading ridge system from the Paleocene to late
Eocene using magnetic isochrons from Roest and Srivastava [1989]. The thick dashed blue line represents the active
spreading center cutting through the Cartwright-Julianehaab Fracture Zone (FZ). The dashed blue double arrows
represent the new spreading direction after Chron C25. Colored ellipses represent warm (red) and cold (blue) thermal
regimes in relation with the geometry of spreading centers and transform faults until the extinction of the Labrador Sea
spreading ridges. SIGNAL lines are shown in red with selected OBS positions in black. Thin dashed lines represent
interpreted spreading subsegments of the waning stage of spreading from the FAA in Figure 1and the low-velocity zone
in Figure 14. The thick dashed line is interpreted as a transform fault, and the purple ellipse is the area of the shallow
8 km/s mantle imaged on Line 5 separating two subsegments.
Slow, asymmetric spreading is a characteristic environment allowing thedevelopment of long-lived (1–2Myr)
oceanic detachment faults [Baines et al., 2008;MacLeod et al., 2009] unrooﬁng lower crustal andmantle rocks,
resulting in the formation of “oceanic core complexes” (OCC). As the fault develops and accommodates
extreme extension, the fault dip decreases under the eﬀect of ﬂexural unloading (footwall rollover or rolling
hinge model [Tucholke et al., 1998; Lavier et al., 1999]). The exposed low-angle surface of the footwall can be
easily recognized in detailed bathymetric maps as a corrugated surface [Tucholke et al., 1998] with a dome
shape (Figure S6). Mantle exhumation at mid-ocean ridges was initially thought to be the result of cyclical
amagmatic spreading periods [Karson andDick, 1983; Karson et al., 1987]. Today, it is commonly accepted that
magmatic accretion is also involved in theprocess [Cannat, 1993; Escartin etal., 2003; Tucholkeetal., 2008;Olive
et al., 2010]. This can explain the presence of a 1.5 km thick layer with velocities of 4.2–6.0 km/s on top of the
serpentinizedmantle on SIGNAL Line 4, as gabbro bodies are often drilled from these features [Ildefonse et al.,
2007]. Reﬂectors found along Line BGR 77-17 and on the OBS 4 record (RX on Figure S6 and the PxP reﬂector
in Figure 2)may correspond to the interface between serpentinizedmantle (>7.2 km/s) and gabbros (6 km/s).
The velocitymodel of Line 4 requires a direct subvertical contact between the serpentinizedmantle body and
the sediments in basin 4C. Without such a contact, it is impossible to properly model rays turning toward the
fossil-spreading axis for OBS 3, as traveltimes would always be too slow (Figure S7). A very similar pattern is
obtained using traveltime tomography (Figure 10). The dimensions of the dome-shaped seismic basement
above the serpentinizedmantle body and the total length of the detachment up to the breakaway (Figure S6)
are very similar to other OCCs at theMid-Atlantic Ridge or at the SWIR [Ranero and Reston, 1999; Canales et al.,
2004; Blackman et al., 2009]. However, detachment faults associated with OCCs usually dip toward the ridge
axis. Here, it is not the case, and a southward ridge jumpmust occur after its formation to explain the current
situation, with an OCC located to the north of the extinct spreading axis (Figure 15). This southward ridge
jump is not documented, and our data are not deﬁnitive because SIGNAL Line 4 does not image the conjugate
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Figure 16. Upper crustal and lower crustal thicknesses and velocities from a selection of ultraslow ridges obtained with
velocity modeling methods that are similar to this study. Mohns Ridge velocities (15–17 Ma old crust) are taken from
Klingelhöfer et al. [2000] and South West Indian Ridge velocities are extrema found away from ridge discontinuities in
Minshull et al. [2006]. Aegir Ridge velocities are from Grevemeyer et al. [1997]. The extinct Baﬃn Bay axial valley oceanic
crustal structure is from Suckro et al. [2012]. This velocity structure is close to normal oceanic crust [White et al., 1992].
crust of the OCC area, as illustrated in Figure 15. Hence, basin 4C, between OBS 2 and 4 could indicate an
abandoned ridge.
5.1.3. Comparison With Other Ultraslow-Spreading Ridges
In terms of velocity structure and thickness, the Labrador Sea oceanic crust (away from the OCC and ridge
discontinuities in the median valley discussed below) is very similar to the oceanic crust at the Mohns
Ridge [Klingelhöfer et al., 2000] or the SWIR oceanic crust [Minshull et al., 2006], two well-studied, active
ultraslow-spreading ridges (see Figure 16). Half spreading rates are 8mm/yr and 6mm/yr for theMohns Ridge
and the SWIR, respectively. These rates are very similar to the Labrador Sea half spreading rate during the
Eocene. In the case of the SWIR, the upper crustal layer 2 velocities are slower than the upper crustal velocities
in the Labrador Sea, as is expected from young crust in the vicinity of active spreading centers. The topogra-
phy of the axial valley walls in the Labrador Sea is around 2 km (Figure 9), which is in the middle of the range
of observed values compiled by Dick et al. [2003].
Three types of seaﬂoor morphology have been observed at the SWIR [Cannat et al., 2006], associated with
three spreading regimes [Buck et al., 2005; Tucholke et al., 2008; Olive et al., 2010]:
1. When the melt supply covers more than 50% of the extension rate, oceanic spreading is symmetrical
and normal faults with signiﬁcant oﬀsets are created on both sides of the axis. The resulting seaﬂoor
morphology is typical of slow-spreading ridges with signiﬁcant roughness (“volcanic seaﬂoor” in Cannat
et al. [2006]);
2. When the melt supply ranges between 30 and 50%, models [Tucholke et al., 2008] show the development
of a long-lived detachment fault responsible for OCCs and asymmetric spreading (“corrugated seaﬂoor” in
Cannat et al. [2006]);
3. If the melt supply is very scarce (less than 30%), the models cannot maintain localization on only one fault
andmany large-scale normal faults appear on both sides of the ridge axis [Tucholke et al., 2008; Olive et al.,
2010] to accommodate the extension (“smooth seaﬂoor” in Cannat et al. [2006]).
Most of the oceanic crust in the Labrador Sea imaged by seismic reﬂection data is typical of slow-spreading
ridges and could be classiﬁed as a “volcanic seaﬂoor” morphology, particularly the slow-spreading Paleocene
crust. The OCC imaged on Line 4 shows that reduced melt supply occurred occasionally during the Labrador
Sea spreading history. Regarding the third type of crust observed at the SWIR, the “smooth seaﬂoor,” it is
diﬃcult to say if it is present in the Labrador Sea, as 3D informationon thebasement roughness is not available.
However, areas of extremely thin crust observed in the extinct median valley certainly corresponds to a very
scarce melt supply or to purely tectonic extension.
5.2. Processes During the Waning Stage of Spreading
5.2.1. Cooling of the Asthenosphere and Orientation of the Ridge Segments
Although the structureof theEoceneultraslowoceanic crust in theLabrador Sea is similar tootherpresent-day
active ultraslow-spreading ridges, the tectonic evolution of the crustal structure is sometimesmore dramatic,
with local exhumation of mantle peridotites (e.g., the OCC). In the axial valley, along SIGNAL Line 5, shallow
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mantle indicates a reduced melt supply just before the cessation of spreading. Below, we analyze the
along-strike velocity variations by correlation with the free air gravity data.
In the axial valley, Line 5 shows slower, thicker crust (Figure 14, km 70 to 80) where the free air gravity anomaly
is negative. This section of the proﬁle is interpreted as the edge of a subsegment of the extinct spreading
ridge. Using the free air gravity anomaly map (Figures 1 and 14), several subsegments of the fossil axial valley
seem to be less oblique to the plate motion between Greenland and North America when compared to the
orientation ofmagnetic anomalies 21 and 24 and the structures formed at that time (Figure 14). This suggests
a last attempt of the spreading ridge segments to rotate in a direction less oblique to the N-S plate motion.
Doing so, long ﬁrst-order ridge segments tend to divide in several subsegments separatedby either transform
faults (Figure 14, 0 km) or exhumed mantle (Figure 14, 100 km). We suggest that this last attempt to rotate
the spreading system into a less oblique orientation is related to thermal factors, based on observations from
the SWIR.
At the SWIR, far-ﬁeld stresses promote diking along segments perpendicular to plate motion during peri-
ods with suﬃcient melt supply [Dick et al., 2003; Buck et al., 2005; Cannat et al., 2008]. During phases with
reduced magma supply, the orientation of the ridge segments and ridge ﬂank structures follows the oblique
regional ridge direction formed by preexisting shallow asthenospheric temperatures [Cannat et al., 2008]. In
the Labrador Sea, this NW-SEdirection is inherited from the PaleoceneNE-SWspreadingdirection (red ellipses
in Figure 15). This can explain why during the Eocene, free air gravity (Figure 1) andmagnetic anomalies show
structures remaining oblique to the north-south motion between Greenland and North America. Later, dur-
ing the waning stage of the Labrador Sea spreading center activity, we infer that the NW-SE regional thermal
weakness direction related to the shallow asthenosphere below the ridge system also ﬁnally disappeared. As
a result, far-ﬁeld tectonic stresses alone controlled the system. Ridge segments become less oblique as the ori-
entation of the faults becomesmore andmore perpendicular to the N-S platemotion (Figure 15). This process
may also explain the orientation of the ridge segment cutting through the Cartwright-Julianehaab Fracture
Zone in late Paleocene/early Eocene. This is the only ridge segment perpendicular to the plate motion in the
Labrador Sea, because the asthenosphere along this long fracture zone is not as shallow as under a ridge.
An E-W oriented ridge crosses the fracture zone because nothing prevents an orientation of the structures
perpendicular to the far ﬁeld stress.
5.2.2. Comparison With Other Extinct Spreading Centers
While in the Labrador Sea, thin crust and ridge segment rotations are signs that spreading ceased with a low
magma supply, this was not the case for all extinct spreading ridges. A recent seismic refraction proﬁle in
southern Baﬃn Bay, north-west of Greenland, imaged oceanic crust that is linked to the Labrador Sea spread-
ing by the transform margin in Davis Strait [Funck et al., 2012; Suckro et al., 2012]. While the axial valley wall
topography is similar, the oceanic crustal thickness is very diﬀerent when compared to the Labrador Sea,
although spreading rates are comparable [Oakey and Chalmers, 2012]. In southern Baﬃn Bay, oceanic crustal
velocities compare much better with an Atlantic-type oceanic crust, with a normal oceanic layer 3 [Suckro
et al., 2012]. The crustal thickness is 6 km at the fossil ridge axis and up to 9 km elsewhere [Funck et al., 2012].
Although a link between crustal thickness and spreading rates can be established from global data sets [Dick
et al., 2003], seaﬂoor topography and crustal properties can also vary for a given spreading rate. The tem-
perature of the asthenosphere controls the melt supply [Purdy et al., 1992; Bown and White, 1994] and can
be independent of other factors like spreading rate. This can explain the variability between Baﬃn Bay and
the Labrador Sea. The southern Baﬃn Bay oceanic crust lies between volcanic margins and is much closer to
the position of the Iceland plume in the Paleocene [Storey et al., 1998]), which is in agreement with a higher
asthenospheric temperature and a larger melt supply.
The extinct Aegir Ridge [Uenzelmann-Neben et al., 1992; Grevemeyer et al., 1997] is located in the Norwegian
Basin, north of the Faeroe Islands. The Aegir Ridge was active from Chron C24b to Chron C7 [Talwani and
Eldholm, 1977; Breivik et al., 2006] at slow to ultraslow spreading rates, after which spreading was transferred
to the Kolbeinsey Ridge, north of Iceland. Oﬀ axis, the oceanic crust formed at the Aegir Ridge shows a
typical oceanic crustal thickness (∼6 km) [Grevemeyer et al., 1997]. A more recent study with a proﬁle partially
overlapping with the line of Grevemeyer et al. [1997] shows a much thinner crust (∼4 km, [Breivik et al., 2006])
from Chron C21 to the cessation of spreading, in very good agreement with what is observed in the Labrador
Sea. However, given the diﬀerences between the two studies, caution should be taken when the Aegir Ridge
is compared to our study. Grevemeyer et al. [1997] did not have seismic reﬂection data available to deﬁne the
ﬂat basement in their model. In reality, the basement at the Aegir Ridge is very rough [Breivik et al., 2006],
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similar to what is observed on SIGNAL Line 4. Also, the deep basement throughs are ﬁlled with basaltic ﬂows
[Uenzelmann-Neben et al., 1992] or high-velocity sediments similar to those found on Line GEUS 2003-4 coin-
cident to SIGNAL Line 5 (Figure 14). It seems possible that Grevemeyer et al. [1997] included these layers into
the oceanic crust (Figure 12) and therefore overestimated the crustal thickness. Even if the absolute crustal
thickness in Grevemeyer et al. [1997] is overestimated, the relative change in thickness from an oﬀ-ridge posi-
tion to the extinct axismay still be reliable. The crustal thicknessmoderately decreases by 1 km (down to 5 km)
in the fossil axial valley.
Although the three discussed extinct ridges (Labrador Sea, Baﬃn Bay, and Aegir Ridge) have diﬀerent crustal
thicknesses, thewaning stageof accretion seems characterizedby a reducedmelt supply leading to adecreas-
ing crustal thickness. However, this is not always the case, as episodes of signiﬁcant volcanism after the
abandonment of a spreading ridge have been documented, for instance, in the South China Sea [Pautot et al.,
1990] and at the fossil Galapagos Rise [Haase et al., 2011]. Another example is the Shikoku Basin [Okino et al.,
1994], where the crust at the extinct spreading axis is sometimes thicker than it is during normal spreading
[Nishizawa et al., 2011]. In the Labrador Sea, high velocities associatedwith phases Ps5 and P
∗ (4.2 km/s) above
the basement on Line 5 (Figure 14) can be related to extrusive volcanism during or after the waning stage
of spreading. However, we think that this volcanism is sparse and very moderate. In the Shikoku Basin, large
volcanoes at the extinct spreading ridge are associated with thick crust (up to 15 km, [Nishizawa et al., 2011]),
which is not the case in the Labrador Sea. The imaged high-velocity sediments (in basins 4A, Figure 13; above
the possible extrusive basalts in Figure 14) represent a signiﬁcant volume and are not restricted to the extinct
axial valley (see Figure 13, basins 4B and 4C above the OCC). We infer that most of these sediments originate
from gravity currents bringing heavily eroded material from the continental margins. The Oligocene uplift of
the SW Greenland continental margin [Sørensen, 2006] is a possible source for these high-velocity sediments
rather than in situ volcanism. Figure 16 summarizes the crustal structures of the three extinct ridges. Beyond
the crustal thickness variations, Figure 16 also shows the reduced upper crustal velocities (4.5 to 5.0 km/s) in
the Labrador Sea and on Aegir Ridge, in comparison to velocities of 5.0 to 6.0 km/s in Baﬃn Bay. The extinct
axial valley in Baﬃn Bay may have experienced much less tectonic extension, in agreement with a larger
melt supply.
5.2.3. Tectonic Extension and Spreading
In the fossil axial valley, low upper crustal velocities but also shallow mantle with various degrees of ser-
pentinization provide evidence for signiﬁcant tectonic extension during and/or after the waning stage of
spreading in the Labrador Sea. Hence, it is not a surprise that the crustal velocity structure in the fossil axial val-
ley is in good agreement with velocities of ocean-continent transitional crust (Figure 12) [Minshull et al., 1998,
and references therein]. In the case of continental margins, it may take time after rifting to reach a localized
nascent spreading and a stable thermal regime that allows a suﬃcient melt supply, especially as potentially
colder continental mantle is exhumed. In the case of the waning stage of spreading at a ridge, the cooling of
the asthenosphere and lithospheremight lead to very similar “melt poor” crustal structures and seismic veloc-
ities. Faulting imaged on seismic records [Roots and Srivastava, 1984; Srivastava and Keen, 1995] (Figure 4) also
favor signiﬁcant tectonic extension in the Labrador Sea. Tectonic extension, however, can be associated with
oceanic spreading with lowmelt supply (as discussed above), or to pure tectonism after emplacement of the
crust. In the ﬁrst case, faulting is localized at the ridge axis, while in the second case, extensional faulting can
continue for awhile away from the ridge [SrivastavaandKeen, 1995]. In the Labrador Sea, several observations
tend to favor such “thinning” of the crust, without necessarily excluding tectonic extension during spreading.
First, both Tomo2D and RAYINVR models (Figures 10 and 13) show a sudden step in the velocity isocontours
at the southwestern axial valley wall, as well as an extreme thinning of the upper crust at the same location
in the RAYINVR model (Figure 13). Srivastava and Keen [1995] image several fault reﬂectors deep in the lower
crust at the axiswalls, implying an entirely brittle crust. Such faults are ideal to explain the sharp lateral velocity
variations at the southwestern axial valley wall in our models. A last observation suggests faulting in a brittle
crust, away from spreading: the seismic images of the oceanic crust in the vicinity of the extinct spreading
center along MCS Line AGC 90-2 [Srivastava and Keen, 1995] near to Line R2 [Louden et al., 1996] are similar
to the most seaward hyperextended continental crust observed at the Nova Scotia continent-ocean transi-
tion zone.Wu et al. [2006] observe in both cases very distinct tilted blocks of ∼10 km width. This suggests a
similar brittle thickness, diﬀerent from what it would be during active spreading. This further suggests that
if spreading is initially slow after continental rifting, normal faults and tilted blocks are not a good marker
of the continent-ocean boundary [Srivastava and Keen, 1995]. Nascent oceanic spreading in ocean-continent
transition zones can sometimes also be characterized by a smoother basement that compares better to the
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“smooth seaﬂoor” category [Minshull, 2009]. In the Labrador Sea, there is no evidence for such a regime prior
to cessation of spreading, or it is too short to be detected.
6. Conclusions
The SIGNAL 2009 cruise acquired two seismic refraction proﬁles along and across the now extinct Labrador
Sea spreading ridge. The oceanic crustal thickness is thinner than typical oceanic crust. The Paleocene crust
is up to 5 km thick and formed at slow spreading rates. In contrast, the Eocene crust is 3.5 km thick and
formed by ultraslow spreading. In some areas of the extinct axial valley, the oceanic crust is almost absent
and mantle rocks are found close to the basement. The waning stage of accretion is characterized by a frac-
tured basement with weak reﬂections and upper crustal velocities of 4.5 km/s. These velocities compare to
5.2 km/s farther away from the extinct spreading axis, where spreading was slow. The new results conﬁrm
previous interpretations [Osler andLouden, 1992, 1995; SrivastavaandKeen, 1995] of awaning stage of spread-
ing that is dominated by tectonic extension, with faulting and ﬂuid circulation leading to varying degrees of
serpeninization of the mantle.
The velocity structure of the oceanic crust in the Labrador Sea does not represent a typical, mature Atlantic
type oceanic crust. Along most of the across-axis SIGNAL Line 4, the oceanic crustal velocity structure is sim-
ilar to results from some other studies of active or extinct ultraslow-spreading ridges (SWIR, Mohns Ridge,
late Aegir Ridge), but diﬀers from the much thicker Baﬃn Bay oceanic crust and some thicker segments of
the SWIR [Niu et al., 2015]. This suggests that thermal regimes, in addition to spreading rates, control the
oceanic spreading style [Niu et al., 2015]. Away from the axial valley, the crustal velocity structure common
to “melt-limited” slow to ultraslow ridges is characterized by (1) a 1.5–2 km thick upper crust with velocities
ranging from 4.0 km/s to 6.0 km/s, depending on the degree of fracturing and the age of the crust, (2) a 2
to 3.5 km thick lower crust with velocities between 6 km/s and 7.5 km/s. This velocity structure corresponds
neither to typical oceanic crust nor to the transitional crust found at passive margins. In terms of lithologies,
this kind of velocity structure is compatible with a mix of serpentinites and gabbro plutons as in the “plum
pudding” model [Cannat, 1996].
In some areas of the Labrador Sea, the velocity structure diﬀers even further from a typical oceanic crust. This
is the case for an interpretedOceanic Core Complex formed just after plate reorganization in the early Eocene,
as a new spreading segment cuts through the “cold” Cartwright-Julianehaab Fracture Zone. Mantle rock with
velocities of 8 km/s is found at shallow depth beneath the extinct axial valley just 1.5 kmbelow the basement.
The velocity structure in these areas of very thin crust is similar to continent-ocean transition zones. Both the
velocitymodels and the faults imaged on published seismic reﬂection proﬁles suggest that the crust is almost
entirely brittle when tectonic extension occurs. In this regard, thewaning stage of oceanic spreadingmay not
be diﬀerent from the Eocene ultraslow spreading, but the preexisting faults in the oceanic crust around the
fossil axial valley may remain active in a colder thermal regime. Since Line 5 only samples one of the highly
tectonized axial valleywalls,moredetails on the structure at the center of the fossil axial valley could help us to
better constrain the chronology of the “extinction” processes (e.g., tectonic extension, cessation of spreading,
and residual extrusive volcanism).
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